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ABSTRACT 
 
Seasonal and Regional Variability of Stratospheric Dehydration. (May 2012) 
Aaron Joseph Christenberry, B.S., University of Oklahoma 
Chair of Advisory Committee: Dr. Andrew E. Dessler 
 
 We analyze output from a domain-filling forward trajectory model in order to 
better understand the annual cycle of water vapor entering the stratosphere.  To do this, 
we determine the minimum water vapor saturation mixing ratio along each trajectory 
(the final dehydration point or FDP) and assume that the parcel carries that much water 
vapor into the stratosphere.  In the annual average, the tropical Western Pacific, 
equatorial Africa and South America, and Southeast Asia are found to be the locations of 
the most frequent FDPs.  Looking at individual seasons, we find that FDPs in the 
tropical western Pacific tend to occur in the summer hemisphere, with FDPs over South 
America and Africa occurring predominantly during the boreal winter.  During boreal 
summer, a dehydration maximum occurs in the Asian monsoon region.  In the annual 
average, FDP maxima occur at 99 and 84 hPa.  Looking at individual seasons, we find 
that FDPs occur at higher altitudes (centered at 84 hPa) during boreal winter and at 
lower altitudes (99 hPa) during boreal summer.  The annual cycle in FDP altitude 
combines with the annual cycle in tropical tropopause layer temperatures to generate the 
observed annual variations in water vapor entering the stratosphere. 
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SD2011 Sherwood and Dessler [2011] (Atmospheric Chemistry and 
  Physics article) 
SON September-October-November (boreal autumn) 
TTL tropical tropopause layer 
TWP tropical Western Pacific 
UTLS upper troposphere/lower stratosphere 
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1. INTRODUCTION 
 
1.1. Motivation 
 The role of water vapor (H2O) in the stratosphere is one of particular importance 
to climate study.  Increases in stratospheric water vapor have a warming effect on the 
troposphere and a cooling effect on the stratosphere [Rind and Lonergan, 1995; Forster 
and Shine, 1999].  Anomalies in stratospheric temperature, in turn, affect the Arctic 
Oscillation [Baldwin and Dunkerton, 1999; Thompson and Wallace, 2000] and the 
teleconnections between the tropospheric El Niño-Southern Oscillation and the North 
Atlantic–European region [Cagnazzo and Manzini, 2009].  Solomon et al. [2010] 
suggest that the stratospheric H2O concentration influences the rate of global 
temperature change.  Therefore, understanding the mechanisms by which and locations 
at which H2O enters the stratosphere are necessary in order to fully understand the 
climate system. 
 
1.2. Stratospheric Entry 
 During his seminal study on stratospheric circulation, Brewer [1949] observed 
that the water vapor mixing ratio, as measured by the frost point, of the stratosphere over 
the temperate latitudes of southern England was significantly lower than the temperature 
at the local tropopause would have yielded had the air ascended from the ground directly  
____________ 
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beneath the measurement site.  From this he inferred the existence of a global 
stratospheric circulation whereby air predominantly ascends to the stratosphere in the 
tropics, where tropopause temperatures are coldest.  As parcels pass through this cold 
air, the saturation vapor pressure decreases; when it becomes lower than the parcel’s 
actual vapor pressure, the parcel reaches supersaturation and dehydrates via 
condensation or deposition.  The dehydrated air is then advected poleward in the 
stratosphere, ultimately descending to the troposphere in the mid-latitude and polar 
regions.  These findings were corroborated by Dobson [1956], and the circulation 
became known as the Brewer-Dobson circulation.   
 By the 1970s and 1980s, the prevailing interpretation of the Brewer-Dobson 
paradigm was one of essentially zonally uniform lifting through the tropical tropopause 
[e.g. Robinson, 1980, and references therein].  One challenge encountered by researchers 
was the fact that even the low zonal-mean temperatures typical of the tropical tropopause 
are, in most cases, too high.  Ellsaesser [1983] described this situation in detail, 
explaining that a 193-K, 100-hPa tropopause should yield H2O concentrations of 3.4 
parts per million by mass [5.6 parts per million by volume (ppmv)], a considerably 
higher value than observed.  The phenomenon of stratospheric air over points in the 
tropics having an H2O concentration lower than the local tropopause temperature would 
suggest was observed in Brazil by Kley et al. [1979], who proposed that the air must 
have dehydrated elsewhere, and by Jones et al. [1986]. 
  To explain this discrepancy, Newell and Gould-Stewart [1981] proposed the idea 
of a “stratospheric fountain” in the tropical Western Pacific (TWP) near Indonesia.  
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They found that this region, during boreal winter (December–February or DJF), has the 
lowest tropopause temperatures overall, a finding which is corroborated by the studies of 
Simmons et al. [1999], Highwood and Hoskins [1998], and Randel et al. [2003, 2004].  
Sherwood [2000] would later discover that the tropopause region over the TWP area in 
fact exhibits net downward motion, weakening the “stratospheric fountain” theory and 
prompting Holton and Gettelman [2001] to rename this area the “cold trap.”  However, a 
trajectory analysis by Hatsushika and Yamazaki [2003] suggests that the circulation in 
the TWP TTL is more complex than simple downward motion, and does include areas of 
ascent. 
 Two potential mechanisms by which air dehydrates to the low observed H2O 
concentrations are commonly referenced.  The first entails dehydration by convective 
overshooting.  Danielsen [1982] refers to the large anvils of tropical convective clouds 
as a “dehydration engine,” and Sherwood [2000] explains that they could be a source not 
only of dry air but also of cold air.  Sherwood and Dessler [2000, 2001] present the idea 
of a “tropical tropopause layer” (TTL), possessing both tropospheric and stratospheric 
characteristics and extending from approximately 150 hPa to 70 hPa, into which 
convection overshoots.  The existence of such a TTL is now widely accepted, and the 
properties of the TTL are described in detail by Fueglistaler et al. [2009].  Convection 
can also contribute to dehydration through buoyancy waves [Potter and Holton, 1995]. 
 The alternate theory, gradual ascent, also employs the TTL.  Holton and 
Gettelman [2001] argued that the large vertical extent of the TTL allowed for 
considerable horizontal advection of parcels between the time of being uplifted into the 
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TTL and the time of dehydration and entry into the stratosphere proper.  In other words, 
the “cold trap” of the TWP does not need to be a source of upward motion in order to 
contribute to dehydration; parcels need only travel horizontally through it, entering the 
stratosphere proper elsewhere.  Additionally, Jensen et al. [1996] argued that gravity 
waves not associated with convection could allow for dehydration in this manner. 
 Several recent studies suggest that gradual ascent cannot by itself be responsible 
for stratospheric water vapor.  Moyer et al. [1996] and Kuang et al. [2003] find that the 
concentration of deuterium in stratospheric water vapor is higher than would be expected 
through gradual ascent alone.  In addition, Potter and Holton’s [1995] model suggests 
that buoyancy waves would allow for dehydration to occur at a distance from 
convection.  On the other hand, the model runs of Gettelman et al. [2002] and Jensen 
and Pfister [2004] suggest that horizontal advection of air can dehydrate air to 
sufficiently low H2O concentrations.  Jensen and Pfister’s study yields H2O 
concentrations too low, and suggests that convective moistening may contribute to the 
higher needed concentrations (by hydrating unsaturated parcels to their saturation 
mixing ratio [e.g. Dessler and Sherwood, 2004]). 
 Currently, the understanding is that dehydration is a function of both convective 
and gradual ascent [Clark et al., 2001; Rosenlof, 2003].  The relative importance of their 
roles, however, is still a matter for debate.  Additionally, convection is not a constant 
even in the tropics; as such, the relative importance of their roles may change as a 
function of space and time. 
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1.3. Seasonal and Regional Variability 
 The concentration of stratospheric H2O is generally quite low and varies both 
with location and with time.  Mastenbrook [1971] observed the mixing ratio in the lower 
stratosphere over Washington, D.C. to be in the range of 1–4 ppm by mass, 
(approximately 2–7 ppmv), with the amplitude of the seasonal variability ranging from 
0.2–0.5 ppm (0.3–0.8 ppmv) depending on altitude.  Harries [1976] found the mixing 
ratio range to be from 0.5–5 ppm by mass (0.8–8 ppmv). 
 The dominant mode of seasonal variability in stratospheric H2O is the so-called 
“tape recorder” [Mote et al., 1996].  At the tropopause in late boreal summer, water 
vapor concentration is at a maximum (the moist phase); in late boreal winter it is at a 
minimum (the dry phase).  These maxima and minima increase in height as a function of 
time, such that when water vapor concentration is plotted as a function of time and 
height, the result is a series of diagonal bands resembling the magnetic tape of a tape 
recorder (see e.g. Fig. 4a in Mote et al. [1996], Fig. 7c in Schoeberl and Dessler [2011]).  
Similar tape recorder effects have been observed in carbon dioxide [Andrews et al., 
1999], carbon monoxide [Schoeberl et al., 2006, Randel et al., 2007], and hydrogen 
cyanide [Randel et al., 2010, Pommrich et al., 2010], but the tape recorder in water 
vapor is the most closely correlated to TTL temperature. 
 The mean tropopause temperature experiences a seasonal oscillation, with an 
annual global minimum in DJF and a maximum in JJA (Scaife et al. 2000).  Using 
Global Positioning System Meteorology (GPS/MET) data, Randel et al. [2004] observe 
a seasonal cycle in the TTL possessing, at some locations and altitudes, an amplitude of 
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as high as 8 K.  The seasonal cycle is not, however, zonally uniform, as best seen in their 
Figure 5, complicating understanding of the tape recorder.  Vömel et al. [2002], after 
analyzing the vertical profiles of water vapor and ozone at several points in the tropics 
during different times of year, also came to the conclusion that regional and seasonal 
differences matter. 
 Because the TTL is not uniform in either space or time, it follows that an 
understanding of the regional and seasonal variations in parcel dehydration and 
contribution to the tape recorder and H2O concentration of the stratosphere is necessary.  
In other words, the locations at which parcels dehydrate and the differences in these 
locations by season must be determined. 
 An obvious first candidate is, of course, the TWP.  Its possession during DJF of 
the lowest tropopause temperatures overall were, after all, what led Newell and Gould-
Stewart [1981] to postulate this area as a “stratospheric fountain” in the first place.  The 
cold-point tropopause over the TWP exhibits both a seasonal water vapor oscillation and 
a seasonal altitude oscillation from 16 km in boreal summer and early boreal autumn to 
17 km in boreal winter and early spring as measured by Reid and Gage [1996] on the 
island of Truk (7.5°N, 151.8°E).  Using a scale height of 7 km [Holton et al., 1995], 
these 16-km and 17-km heights equate to pressures of 103 hPa and 89 hPa, respectively.  
Vömel et al. [2002]’s H2O profiles indicate extremely low March water vapor 
concentrations in the TWP and tropical central Pacific in the altitude vicinity of the 
tropopause relative to Brazil and the eastern Pacific, and Fueglistaler et al. [2005] find 
the TWP to be an area of significant dehydration. 
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 The Asian monsoon, owing to its status as a large-scale seasonal convective 
event and its proximity to the TWP, also is an area of particular interest.  Dunkerton 
[1995] finds evidence of a strong southward component to the circulation at upper 
troposphere/lower stratosphere (UTLS) levels in the region ranging from China to the 
central Pacific, and states that parcels in this circulation exhibit “significant penetration 
into the stratosphere.” Park et al. [2007]’s study finds the area over China and the 
northwestern Pacific to have significant upward motion at tropopause altitudes, with the 
vertical velocity highest in the 10–20°N latitude range (refer to their Fig. 12).  Near-
tropopause H2O concentrations in this area are generally relatively high [Randel 
 et al., 2001; Gettelman et al., 2004; Dessler and Sherwood, 2004] and have been found 
to be a significant source of H2O in boreal summer [Fueglistaler et al., 2005; Wright et 
al., 2011].   
 Additionally, trajectory analyses done by Gettelman et al. [2004], Fueglistaler et 
al. [2004], and Wright et al. [2011], global climate model analyses done by Bannister et 
al. [2004], and Aura Microwave Limb Sounder (MLS) and Tropical Rainfall Measuring 
Mission (TRMM) observations made by Fu et al. [2006] suggest that advection around 
the monsoon anticyclone can result in H2O bypassing the tropical tropopause altogether.  
Such a bypass entails air entering the stratosphere via a warmer subtropical or 
extratropical tropopause in the Northern Hemisphere and then is brought southward by 
the monsoon circulation into the tropical stratosphere.  Wright et al. [2011] and Fu et al. 
[2006] focus particularly on the Tibetan plateau region, suggesting that this portion of 
the monsoon in particular may be the most likely to bypass the tropopause. 
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1.4. Thesis Goals and Structure 
 The goal of this thesis, therefore, is to determine and quantify the contribution of 
world regions to dehydration and stratospheric H2O, and to determine the seasonal 
variations in these contributions, including the contribution of each region to the overall 
annual cycle of water vapor (i.e., the “tape recorder” effect).  Section 2 describes the 
model and data used to find these contributions.  Section 3 details the methods used to 
calculate and determine the results; the results themselves are presented and discussed in 
Section 4.  Section 5 presents our conclusions. 
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2. MODEL 
 
 The goal of this study is to analyze locations of dehydration, and in particular the 
point at which a parcel reached its lowest H2O concentration, referred to as the final 
dehydration point (FDP).  The occasion of a parcel reaching its FDP is referred to as an 
“FDP event.”  As parcels can be horizontally advected and encounter multiple 
dehydration points within the TTL before entering the stratosphere [Holton and 
Gettelman, 2001], a Lagrangian trajectory model is more helpful for TTL dehydration 
analysis than an Eulerian model.   
 The particular model used for this study is the domain-filling forward trajectory 
model described in great detail in Schoeberl and Dessler [2011, hereafter SD2011].  
Briefly, the model uses the Bowman trajectory code [Bowman, 1993; Bowman and 
Carrie, 2002] driven by horizontal winds and diabatic heating rates from the Modern Era 
Retrospective-Analysis for Research and Applications (MERRA) [Rienecker et al., 
2011].  Diabatic transport means that potential temperature θ is used for the vertical 
coordinate and that vertical (i.e. non-isentropic) motion is determined by the diabatic 
heating rate [SD2011].  The model can also be run using a kinematic transport scheme 
(vertical coordinate is pressure p; motion across isobars is determined by ω=dp/dt); 
however, as explained by Liu et al. [2010] and SD2011, the kinematic scheme is too 
dispersive.   
  The particular model run used in this study is the equivalent of SD2011’s “D100” 
run, which does not take supersaturation and gravity waves into account but which 
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nevertheless agrees well with Aura Microwave Limb Sounder (MLS) data [SD2011, see 
their Table 1].  Methane oxidation, convective moistening and re-evaporating 
condensate, which have a moistening effect [e.g. Dessler et al., 1994; Mote et al., 1996; 
Dessler et al., 2007; Liu et al., 2010], are also excluded, giving the model a somewhat 
dry bias.   
The grid used in this study has been modified somewhat from SD2011.  Each run 
of the model initializes a grid of 1350 parcels each day over a one-year period, and 
advects the parcels until the end of the tenth year following initialization (i.e. parcels 
initialized in 1995 are advected until the end of 2005).  In this study we use runs with 
initialization years of 1993–2010.  Though MERRA data are available starting from 
1979, we utilize the 1993 start date to minimize contamination by climatologically 
abnormal results arising from the Pinatubo eruption in June 1991.  Parcels are initialized 
on the 365-K θ surface, which is above the zero net radiative heating level but typically 
below the tropical tropopause (~375–380 K).  The initial grid is an equal area grid that 
spans all longitudes and runs from 60°S to 60°N, with a resolution of 3-5° latitude and 
8° longitude.  Parcels that end a day below the 250 hPa pressure level are assumed to 
have re-entered the troposphere and are removed from the model; the same applies for 
parcels that ascend beyond 1800 K—these are assumed to have entered the mesosphere 
and are removed.  We use the simplest possible microphysical parameterization to 
estimate the water vapor along the trajectory:  when the relative humidity (RH) of the 
parcel exceeds 100%, excess water vapor is removed so as to return the RH to 100%.  
SD2011 describes the model in further detail. 
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 The model was set to produce file output detailing the position and composition 
of each parcel on the 1st, 8th, 15th, 22nd, and 29th of each month.  This file output 
includes, among other parameters, a unique ID tag for each parcel in the run, the H2O 
concentration of the parcel at the time of output (which, because condensate re-
evaporation and methane oxidation are excluded, is effectively equivalent to the 
concentration at the previous point of dehydration); the date of the previous dehydration 
event (i.e. the dehydration event that occurred most recently relative to the time of 
output); and the latitude, longitude, temperature, and pressure of the parcel at the time of 
the previous dehydration event.   
 Water vapor data from the Aura Microwave Limb Sounder (MLS) was used to 
compare our model results with observations.  MLS water vapor observations are 
validated by Livesey et al. [2005] and have a vertical resolution of 2-3 km and UTLS-
level accuracy of 5-7% (0.3 ppmv) [Lambert et al., 2007; Read et al., 2007].  Using 
Halogen Occultation Experiment (HALOE) data for comparison was considered; 
however, HALOE’s accuracy peaks in the altitude range of 1–10 hPa, well above the 
UTLS level [Harries et al., 1996, see in particular their Table 1].  Furthermore, SD2011 
used MLS data; using it here would thus provide consistency that using HALOE data 
would not. 
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3. METHODS 
 
3.1. Determining the FDP 
 Because the model is necessarily unaware of the future behavior of the parcels at 
the time it outputs its results to disk, the “final dehydration data” given in the results are 
in fact the data for the most recent dehydration event.  To minimize the probability that 
the dehydration event reported by the model is not the final tropical dehydration event, 
we process the data backward using the method described below. 
 We first look at 22 December of the final available year of the particular run 
(2010 or the initialization year plus 10, whichever is earlier); this date is the observation 
date.  The 22nd of the month is used because it is approximately halfway between the 
middle of the month (simulating monthly averages) and the end of the month 
(maximizing data availability), and the last output date before the end of the month that 
all months can be assured to have (since February typically has only 28 days).  We treat 
as valid for analysis all parcels that (1) were above 90 hPa at the time of observation, (2) 
had their most recent dehydration event at least 180 days prior to observation, and (3) 
had their most recent dehydration event at least 2 days following initialization.  
Restricting our analysis to parcels above 90 hPa at observation ensures that we are only 
concerning ourselves with parcels that have ascended considerably higher than the 
initialization point.  Excluding dehydration events that occur less than 180 days before 
observation increases the probability that the most recent dehydration event is, in fact, 
the final dehydration event.  Finally, requiring the dehydration event to be at least 2 days 
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following initialization decreases the number of parcels that are instantiated above the 
cold point from consideration.  If all three parameters are met, the H2O concentration, 
temperature, and location of these parcels as of their previous dehydration are taken as 
the FDP H2O, temperature, and location parameters and are stored as such under the 
parcel ID.   
Though most studies of the tape recorder focus on activity near the equator (Mote 
et al. [1996], for instance, used ±12° latitude; SD2011 used ±1° latitude), we find that 
broadening the field to include the subtropics does not appreciably diminish the annual 
water vapor cycle (Table 1).  In addition, we find that no appreciable difference arises 
from using 180 days before the observation date as a cutoff relative to other choices (not 
shown).  Excluding parcels whose most recent dehydration occurs less than 2 days after 
initialization, however, does make a significant difference, removing parcels that are 
moister than they should be owing to their initialization above the cold point (Table 2). 
After determining the FDP parameters for parcels available on 22 December of 
the final year, we do the same for each preceding month, changing the observation date 
to 22 November of the final year, then 22 October, then 22 September, and so forth until 
we reach the beginning of the run.  FDP parameters are determined for all parcel IDs in 
the run that have not had FDP parameters determined in a later (i.e., previously 
processed) month.  Once each run has been fully processed, we proceed to the next run 
and apply the same procedure.  Figure 1 depicts this process as a flowchart.   
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3.2. Regional Binning and Unit Normalization 
 Latitude-longitude regional analyses were conducted by dividing the world into 
2° latitude by 5° longitude bins, spanning the entire globe meridionally and the range 
from 40°S to 40°N zonally; pressure analyses were conducted by dividing the altitude 
range from 60 hPa to 120 hPa into 2-hPa bins.  These bins represent the location or 
altitude at which the parcels underwent their FDP event.  This resolution was observed 
to be fine enough to capture significant small-scale detail, while being coarse enough 
that instances of zero data points within the bin are rare.   
 Parcel FDP event distribution analyses entail the counting of parcels that 
underwent their FDP event within a certain region or at a certain altitude.  Because the 
number of parcels instantiated on the grid is essentially arbitrary (changing this number 
only changes the mass of air considered as each parcel), to ensure that our results are 
applicable to any instantiation grid, we normalize the parcel counts by the overall total 
number of parcels and further divide by the bin size (e.g. 5° longitude by 2° latitude).  
This yields units of “percent per degree latitude per degree longitude” or “percent per 
hectopascal,” which is not dependent on how many parcels were used. 
 One disadvantage of using regions of equal latitudinal and longitudinal extent in 
binning rather than equal-area bins as the model initializes the parcels is that regions at 
different latitudes are of different areas—the earth’s circumference is greater at the 
equator than at, say, 30°N.  While this does not pose a problem for datasets that do not 
represent counts, it means that a count of parcels does not technically equate to mass.  
However, because this study focuses on the tropics, where the difference between equal-
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area and latitude-longitude bins is not substantial, parcel count can be treated as 
approximately equivalent to mass. 
 
3.3. Pseudo-Fluxes 
 In a Lagrangian trajectory framework, the number of parcels within a region at a 
specific point in time is analogous, though not equivalent, to the mass flux through that 
region at that point in time.  In particular, the number of FDP events within a region is 
analogous to the mass flux crossing the FDP point within that region. 
 The water vapor flux is the mass of water vapor, and can be calculated by 
multiplying the mass of a given amount of air by the percentage by mass of water vapor 
in it.  For our framework, this is equivalent to multiplying the H2O concentration by the 
number of FDP events, as shown in the below equation: 
  (1) 
where FP is the flux proxy (pseudo-flux), p pressure, t time (in months), N the number of 
FDP events per pressure unit per month, and q the mean FDP saturation H2O (which is 
analogous to the FDP temperature).  Because water vapor is given in parts per million by 
volume rather than by mass, and because, as previously mentioned, we are using 
latitude-longitude regions rather than equal-area regions to conduct the analyses, the 
product of the mean H2O concentration and number of FDP events is not a true flux but 
a pseudo-flux.   
 Looking at N or q as a function of height only gives us the vertical profile of FDP 
events or FDP saturation H2O, which changes over time.  To determine their effect, we 
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decompose the flux by forcing one of these to be held at its average annual value while 
we vary the other.  In reality, N and q are not independent of each other, but we can 
separate them in our model to estimate their individual impact. In other words, we force 
the vertical profile of FDP events to remain constant at its annual mean for each height, 
but allow the vertical profile of water vapor to vary, i.e., 
   (2a) 
   (2b) 
where  is the annual mean FDP event count for each pressure level p.  We do the 
same for the water vapor profile, holding it (and thus the vertical temperature profile) 
constant; i.e.,  
   (3a) 
   (3b) 
where  is the annual mean H2O concentration for each pressure level p.   
 We then multiply these mean values by the actual values of the other parameter 
to get a pseudo-flux, and divide by whichever monthly parcel count (actual or average) 
was utilized.  This gives us what would be the mean monthly water vapor concentration 
if the vertical profile being held constant was actually constant, i.e., 
  (4a) 
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   (4b) 
where  is the monthly mean FDP point H2O holding the vertical FDP profile constant 
and  is the monthly mean FDP point H2O holding the vertical H2O profile constant. 
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4. RESULTS 
 
4.1. Tape Recorder Test 
 To test whether the model can reproduce the seasonal cycle of the tape recorder, 
in Figure 2 we plot the average H2O concentration emerging from the FDP event as a 
function of the month in which the parcel was dehydrated.   
 A clear annual cycle is evident, with a maximum in boreal summer and a 
minimum in boreal winter, as would be expected in the tape recorder.  For comparison, 
also plotted in Figure 2 is the average water vapor concentration at 82 hPa (near the top 
of the TTL) during each month measured by MLS.  Though MLS data is available at 
altitudes below 82 hPa, we choose this level to show more readily the persistence of the 
tape recorder with height.  The MLS data is offset by 1.5 months to account for lag 
between the occurrence of the FDP events and the time at which their influence reaches 
82 hPa.   
 Apart from the lag, the main discrepancy between the MLS data and model 
output is the dry bias of about 0.3 ppmv evident in the model output.  This was expected 
by our exclusion of convective moistening and similar processes that increase the water 
vapor content of the stratosphere [SD2011].  However, the amplitude of the seasonal 
cycle in both is approximately 2.2–2.4 ppmv, which gives us confidence in our analysis 
of the FDP statistics and that, adjusted for the dry bias, we can treat this as an accurate 
result.  This calculation agrees well with previous work that has shown the seasonal 
cycle can be accurately simulated by this type of model [e.g., Fueglistaler et al., 2005]. 
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4.2. Annual Dehydration Statistics 
 Figure 3 shows the latitude-longitude distribution of FDP events in the model.  
The predominant maxima are at 10°N and 10°S over the TWP. Smaller maxima are 
located over South America and Africa, regions which also experience frequent deep 
convection.  The average saturation H2O concentration associated with the FDP events is 
plotted in Figure 4.  The H2O concentration minima are approximately collocated with 
the FDP maxima.  The existence of the maximum around Australia, however, is 
questionable and a possible bias of the MERRA reanalysis data; a paper in preparation 
will investigate this bias in detail (Schoeberl et al., in preparation). 
The annual average MERRA reanalysis 100 hPa temperature is contoured on 
Figures 3 and 4.  One can clearly see that the areas of maximum final dehydration 
frequency also possess the coldest annual mean temperatures and are therefore H2O 
concentration minima.  In general, global dehydration is very nearly bounded by the 
194-K isotherm, and the regions with the most frequent dehydration have annual mean 
100-hPa temperatures below 192 K.  The temperature maximum off the equatorial east 
African coast is associated with little dehydration, consistent with expectation.   
 Southeast Asia provides a notable exception to the general rule of “low 
temperatures yield low water vapor.”  FDP saturation H2O there is higher than the 
temperature suggests it should be, implying the presence of a significant localized 
seasonal variation, a cold-point bypass mechanism, or both.  This further underscores the 
significance of the Asian monsoon region in determining stratospheric water vapor 
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 Figure 5 shows the vertical distribution of FDP events (solid line).  Dehydration 
occurs almost exclusively between 70 and 110 hPa, and exhibits a bimodal distribution 
with distinct maxima at 84 hPa and 99 hPa.  The pressure levels of the maxima 
correspond to 17 and 16 km, the altitudes of the tropopause height cycle observed by 
Reid and Gage [1996], providing evidence in favor of a connection between this 
seasonal height cycle and the bimodal dehydration distribution.   
  The thin dashed line in Figure 5 represents the average H2O concentration 
associated with the FDP events, which decreases with height up until approximately the 
84 hPa dehydration maximum.  Above 84 hPa, the saturation H2O concentration 
increases, suggesting that parcels whose FDP events are above this altitude are fully in 
the stratosphere, with temperature increasing with height, when they dehydrate.  This 
can be accomplished only by bypassing the tropical cold point and entering the 
stratosphere in the subtropics or extratropics or by being uplifted through extremely 
vigorous convection to unusually high altitudes. 
  
4.3. Seasonal Dehydration Statistics 
4.3.1. Latitude–longitude 
 Figure 6 shows the latitude-longitude FDP distribution in each meteorological 
season; month-by month statistics of a variety of parameters (parcel count, H2O, 
temperature, etc.) are available in Table 3.  Figure 6 is similar to Figure 9 of SD2011, 
which also shows FDP event distribution, but we include the MERRA 100-hPa average 
temperature distribution for each season in analogy with Figure 3.  The plots are of the 
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percentage of FDP events that occurred during that season relative to the total of FDP 
events that occurred anytime in the year, so that the sum of the FDP events in Figure 6 
equals Figure 3.   
While the FDP event frequency is elevated throughout the year in the TWP, this 
figure clearly shows that the TWP dual maxima seen at 10°N and 10°S in Figure 3 are 
two different phases of a seasonal cycle.  FDP events over South America and Africa 
also exhibit a strong seasonal cycle, being most prominent in boreal winter (DJF) and 
vanishing entirely during boreal summer (JJA).  Overall, FDP events tend to occur 
preferentially in the hemisphere experiencing summer.  One can also see in Figure 6 that 
FDP events themselves exhibit a seasonal cycle.  Quantitatively, 31.1% of all events in 
the observation period occurred in DJF, whereas only 22.1% occurred in SON, the 
minimum.  MAM and JJA experienced 24.4% and 22.5%, respectively (see Table 3 for 
month-by-month statistics using the parcel counts from our gridding method).  We 
reiterate that the existence of the DJF maximum over Australia may be attributable to a 
MERRA bias. 
 
4.3.2. Vertical 
 Figure 7 displays the time series of the vertical distribution of FDP events.  The 
month of the FDP event is on the abscissa and the pressure on the ordinate.  This figure 
clearly shows that the bimodal distribution seen in Figure 5 is attributable to a seasonal 
cycle, with distinct boreal winter and boreal summer modes.  The boreal winter mode is 
associated with dehydration in the 80–90 hPa pressure range (peaking at 84 hPa, cf. Fig. 
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3), and persists from early October through early May.  The boreal summer mode is 
associated with dehydration in the 90–105 hPa pressure range (peaking at 99 hPa) and 
persists from early April through the end of September.  The small maximum around 73 
hPa is visible only in December–January, ruling out this maximum being attributable to 
the Asian monsoon bypass mechanism postulated by Bannister et al. [2004] and others; 
one possibility is that it is due to unusually deep convection reaching well above the cold 
point.  It is clear, though, that this 73-hPa maximum is insignificant and only of marginal 
interest. 
 From Figure 7 we can clearly see that during MAM, the winter mode remains 
active, albeit weakening, even as the summer mode becomes active.  This phenomenon 
does not occur during SON, where the summer mode ceases at approximately the same 
time (late September–early October) as the winter mode becomes active.  The activity of 
both the summer and winter modes during MAM results in a higher overall frequency of 
FDP events during that season, particularly as lower-altitude dehydration events actually 
maximize in May–June (Table 3). 
 The saturation H2O associated with the FDP events is plotted in Figure 8.  The 
effects of the seasonal cycle in TTL temperature on H2O can be clearly seen at all 
altitudes:  parcels dehydrating during DJF at any altitude are colder and therefore drier 
than parcels at the same altitude dehydrating during JJA.  Above approximately 95 hPa, 
the water vapor cycle does not perfectly match the meteorological seasons but is shifted 
forward a month; this asymmetry is driven by the TTL being warmer in SON than in 
MAM.  The monsoon, whose peak is in mid-May through mid-August depending on 
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location [Wang and LinHo, 2002], is the likely reason for the earlier water vapor 
maximum beneath 95 hPa.  Similarly, the significant spike in H2O concentration during 
August–October between 65–75 hPa is likely attributable to the handful of parcels that 
bypassed the cold point by being advected around the Asian monsoon anticyclone 
(hence the later dehydration date) or by being uplifted by unusually vigorous convection.  
These instances are rare but occur in areas with little dehydration, and thus have a large 
effect on the local dehydration H2O concentration. 
  Apart from these discrepancies, however, the general profile of water vapor in 
the stratosphere is the same irrespective of time of year.  During any month of the year, 
parcels dehydrating at approximately 80–90 hPa, and especially between 83–85 hPa, 
have the lowest water vapor concentrations (and thus temperatures) relative to other 
levels in the same month. 
These results imply that the annual cycle of water entering the stratosphere is 
driven by two factors:  changes in the altitude of dehydration and changes in the 
temperature of the TTL.  The moist phase of the annual cycle maximizes in boreal 
summer to early autumn, when the TTL as a whole is warmer and dehydration is 
occurring primarily at the lower and warmer summertime maximum.  Both of these tend 
to increase the amount of water carried into the stratosphere.  The dry phase occurs 
during DJF, when the TTL as a whole is coldest and dehydration is occurring at the 
higher, cooler wintertime maximum.  This allows a larger annual oscillation of H2O 
concentrations than would be expected due to 100-hPa temperature differences alone 
[e.g. Frederick and Douglass, 1983; Mote et al., 1995]. 
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4.3.3. Zonally averaged 
 To compare the vertical plots with the latitude-longitude seasonal variation, we 
recreate Figures 7 and 8 but plot latitude on the ordinate rather than pressure (Fig. 9, 10).  
Figure 9 thus displays the frequency of FDP events as a function of latitude and month, 
with units of percent per degree latitude (zonally averaging all longitudes together.  The 
actual counts of parcels using our gridding method are given in Table 4).  Figure 10 
displays the average H2O concentration of each FDP event. 
 Figure 9 clearly shows a generally smooth transition in dehydration events from 
the SH in November–January to the NH in April–June, followed by a marked cessation 
in the late boreal summer and early boreal autumn.  Though horizontal, the pattern bears 
a striking resemblance to the tape recorder.  The comparative absence of dehydration 
events is collocated with the water vapor maximum after dehydration both at the latitude 
and altitude average (Figs. 8, 10). 
 The difference in land coverage in the southern hemisphere versus the northern 
hemisphere offers a possible reason for this phenomenon.  The water-dominated 
Southern Hemisphere is more stable climatically owing to water’s higher heat capacity 
relative to land.  In austral autumn (boreal spring), the largely-marine surface takes 
longer to cool down, enhancing upper-level divergence and upwelling into the 
stratosphere.  Conversely, the Northern Hemisphere’s land surface heats quickly 
(particularly in the vicinity of Asia, the largest landmass) in boreal spring.  Upwelling 
into the stratosphere thus begins earlier in the year, and is aided by the monsoon 
circulation.   
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  Late boreal summer and boreal autumn are associated with the termination of the 
monsoon, comparatively rapid cooling of the land-dominant Northern Hemisphere, and 
relatively slow warming of the water-dominant Southern Hemisphere.  The summer 
mode therefore ceases more rapidly than the winter mode can re-form, resulting in a 
decrease in overall FDP event frequency during these months.  Because this also 
happens during the time of year when TTL temperatures (and thus FDP saturation water 
vapor mixing ratios) are at their highest, the stratosphere is drier than it otherwise would 
be, as observed by e.g. Kley et al. [1979].  This phenomenon also would explain the 
presence of overlap in the summer and winter modes during MAM and the comparative 
absence of both modes during SON—the summer mode starts (or ends) before the winter 
mode begins 
 
4.4. Relative Importance of Temperature and Height 
 Decomposing the pseudo-flux using the method described in Section 3.4 allows 
us to determine the comparative contribution of the vertical profile of TTL temperature 
vs. FDP frequency.  Figure 11a shows the monthly time series of water vapor produced 
by decomposing the pseudo-flux via the method described in Section 3.4.  The solid line 
is the monthly average time series of saturation mixing ratio from Figure 2; the dashed 
line is the time series that would occur if the vertical distribution of FDP frequency were 
fixed at its annual average value (plotted in Fig. 5) but allowing the FDP saturation 
mixing ratio to vary through time (as plotted in Fig. 8).  The dotted line is the time series 
that would occur if the vertical profile of the TTL temperature, and thus the FDP 
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saturation mixing ratio, were held constant at its annual average, but allowing the 
vertical FDP frequency profile to vary in time (as plotted in Fig. 7). 
 We observe that the dashed line closely parallels the solid line, meaning that the 
contribution of FDP altitude alone to the annual cycle is small.  It is not, however, 
entirely negligible, as the seasonal cycle in its anomaly relative to the true saturation 
mixing ratio is oriented opposite to the seasonal cycle in the true saturation mixing ratio 
(Fig. 11b), meaning that excluding this contributor results in a dampening of the annual 
cycle (and that including it enhances it).  The dotted line, on the other hand, exhibits 
little seasonal cycle and its anomaly is strongly oriented against the saturation H2O 
cycle, meaning that the seasonal cycle of water vapor entering the stratosphere is 
predominantly determined by the seasonal cycle in TTL temperature—excluding this 
cycle results in hardly any variation from month to month. 
27 
5. CONCLUSIONS 
 
  We have used a domain-filling forward trajectory model to investigate the 
seasonal cycle of dehydration in the TTL.  The model has no convective 
parameterization and dehydration is set to 100% saturation [SD2011].  The model uses 
MERRA reanalysis and initializes parcels just below the tropopause and advects them 
until they exit the stratosphere.  For each parcel, we have identified the point on its 
trajectory where it encounters the lowest water vapor saturation mixing ratio, which 
occurs at the final dehydration point (FDP) and which we refer to as an FDP event.  By 
assembling the statistics of these FDP events, we can gain insight into the mechanisms 
that control the seasonal cycle of water entering the stratosphere. 
 In the annual average, we see that FDP events occur preferentially in regions 
where deep convection also frequently occurs (although we do not parameterize this 
process). Analyzing the seasonal cycle, we find that FDP events preferentially occur in 
each season’s spring/summer hemisphere.  During DJF, parcels dehydrate primarily in 
the TWP between the equator and 10°S, though this southern hemisphere bias may be 
unique to the MERRA reanalysis (Schoeberl et al., in preparation).   During JJA, parcels 
dehydrate primarily in the Asian monsoon region.  We also see FDP events occurring 
over equatorial South America and Africa during DJF, but not in JJA.  Boreal spring 
exhibits more frequent dehydration than boreal autumn,  
  There is also a strong seasonal cycle in altitude: FDP events occur at the highest 
altitudes during DJF and at the lowest altitudes during JJA.  The altitude of the FDP 
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event affects the dehydration potential of that event; higher altitude events tend to have 
lower saturation mixing ratios, leading to drier air.  Additionally, there is a seasonal 
cycle in TTL temperatures, with the warmest TTL occurring at the same time as the 
lowest-altitude FDP events.  Both of these tend to allow more water vapor through the 
TTL and into the stratosphere during JJA, consistent with the annual variation in water 
vapor that gives rise to the dehydration cycle, but the seasonal cycle in temperature 
contributes to the annual dehydration cycle’s development more than the seasonal cycle 
in TTL height. The TTL is slightly warmer in SON than in MAM owing in part to the 
differences in hemispheric land/water ratios and subsequent differential heating, so the 
moist phase of the annual cycle lasts into SON and the dry phase lasts into MAM.  
  The dry phase of the annual stratospheric dehydration cycle is therefore driven 
by a flux of colder, drier air with FDP locations primarily in the TWP.  The moist phase 
is driven by a flux of warmer, moister air with FDP locations primarily in the Asian 
monsoon and north of Australia.  The stratosphere is drier overall than the average TTL 
temperature would appear to indicate because parcels preferentially avoid entering the 
stratosphere during the times of year when the water vapor mixing ratio after 
dehydration is at its highest. 
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APPENDIX A 
TABLES 
Table 1:  Comparison of monthly means and annual statistics of the model H2O 
concentration including and excluding FDP events that occurred within 2 days of 
initialization. 
 
Month Model H2O 
Including First 
and Second Day 
FDP Points 
Model H2O 
Excluding First 
and Second Day 
FDP Points 
Difference 
January 2.77493 2.64040 0.13453 
February 2.83543 2.64560 0.18983 
March 3.15672 2.91607 0.24065 
April 3.40217 3.15878 0.24339 
May 3.81406 3.53052 0.28354 
June 4.48350 4.13616 0.34734 
July 4.88318 4.39982 0.48336 
August 5.17143 4.67829 0.49314 
September 5.10134 4.61464 0.48670 
October 4.50097 4.14531 0.35566 
November 3.68960 3.48889 0.20071 
December 3.00456 2.85641 0.14815 
    
Mean 3.90149 3.60091 0.30058 
Standard Deviation 0.85542 0.73490 0.12601 
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Table 2:  MERRA daily reanalysis monthly mean saturation H2O concentration for 
parcels undergoing their FDP event within various distances from the equator. 
 
Month Maximum distance from equator 
25 degrees 35 degrees 45 degrees 
January 2.62035 2.62166 2.64040 
February 2.62998 2.63202 2.64560 
March 2.90759 2.90825 2.91607 
April 3.14892 3.14954 3.15878 
May 3.52493 3.52570 3.53052 
June 4.13425 4.13626 4.13616 
July 4.39005 4.39361 4.39982 
August 4.63933 4.64116 4.67829 
September 4.55838 4.55904 4.61464 
October 4.08502 4.08481 4.14531 
November 3.45429 3.45561 3.48889 
December 2.83126 2.83191 2.85641 
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Table 3:  Count of FDP events occurring within each month and meteorological season 
overall and within various altitude ranges. 
 
Month FDP 
Event 
Count 
<70 
hPa 
70-80 
hPa 
80-90 
hPa 
90-100 
hPa 
100-
110 hPa 
>110 
hPa 
January 136,148 2,772 26,006 63,959 39,327 4,081 3 
February 106,563 1,008 13,993 43,408 40,848 7,277 29 
March 101,686 87 3,244 34,688 51,495 12,092 80 
April 101,853 26 1,703 33,517 51,541 14,927 139 
May 109,432 1 1,201 26,500 54,065 27,267 398 
June 120,755 1 175 12,452 60,241 46,280 1,606 
July 94,915 0 45 5,627 44,787 41,808 2,648 
August 72,799 0 10 1,347 33,657 35,731 2,054 
September 64,339 0 138 7,382 32,882 23,471 466 
October 95,571 8 2,143 35,244 45,511 12,637 28 
November 123,325 423 15,056 70,563 33,967 3,312 4 
December 213,582 2,309 37,435 81,845 32,317 2,331 4 
        
DJF 398,952 6,089 72,434 189,212 112,492 13,689 36 
MAM 312,971 114 6,148 94,705 157,101 54,286 617 
JJA 288,469 1 230 19,426 138,685 123,819 6,308 
SON 283,235 431 17,337 113,189 112,360 39,420 498 
Total 1,283,627 6,635 101,149 416,532 520,638 231,214 7,459 
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Table 4:  Same as Table 3, but for latitude ranges. 
 
 30-40°S 20-30°S 10-20°S 0-10°S 0-10°N 10-20°N 20-30°N 30-40°N 
January 0 1,941 27,800 54,597 38,551 12,746 539 2 
Febru-
ary 0 1,457 17,442 38,306 36,741 11,935 683 0 
March 0 792 14,203 30,711 38,185 16,965 830 0 
April 0 600 13,580 29,384 38,870 18,696 723 0 
May 0 598 15,991 30,239 39,769 21,911 924 1 
June 3 968 22,236 30,044 38,747 26,370 1,787 4 
July 0 1,134 25,867 24,735 23,780 16,599 2,791 8 
August 0 696 21,044 18,340 18,039 9,696 2,697 6 
Septem-
ber 0 1,005 23,019 21,170 12,022 6,015 1,107 1 
October 1 1,744 31,188 35,344 18,249 7,838 1,202 5 
Novem-
ber 0 924 28,445 55,361 28,268 9,743 583 1 
Decem-
ber 0 999 33,116 68,115 39,921 13,327 767 3 
         
DJF 0 4,397 78,358 161,018 115,213 38,008 1,989 5 
MAM 0 1,990 43,774 90,334 116,824 57,572 2,477 1 
JJA 3 2,798 69,147 73,119 80,566 52,665 7,275 18 
SON 1 3,673 82,652 111,875 58,539 23,596 2,892 7 
Total 4 12,858 273,931 436,346 371,142 171,841 14,633 31 
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APPENDIX B 
 
FIGURES 
 
 
 
Figure 1:  Flowchart depicting the FDP point determination process. 
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Figure 2:  Model-produced mean final parcel saturation water vapor concentration 
(1993-2010) as a function of month of final dehydration (solid line, bottom axis); 
monthly mean MLS measured water vapor concentration at 82 hPa lagged by 1.5 months 
(dashed line, top axis). 
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Figure 3:  Latitude-longitude frequency of FDP events (percent per degree latitude per 
degree longitude) during 1993-2010 (colored), with MERRA reanalysis 100 hPa 
temperature contoured. 
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Figure 4:  Mean final saturation water vapor concentration (ppmv) as function of latitude 
and longitude (1993-2010, colored), with MERRA reanalysis 100 hPa temperature 
(contoured) 
 
47 
 
Figure 5:  Vertical frequency of FDP events (percent hPa-1), solid line, bottom axis); 
mean final saturation water vapor concentration (ppmv) as function of pressure (dashed 
line, top axis).
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Figure 6:  Latitude-longitude frequency of FDP events (percent per degree latitude per degree longitude) during December–
February (upper left), March–May (upper right), June–August (lower left), September–November (lower right) 1993–2010 
(colored).  The sum of the panels equals Figure 3.  Contours are the MERRA reanalysis  average 100 hPa temperature for the 
season. 
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Figure 7:  Vertical frequency of FDP events (percent per hectopascal) as a function of 
month of FDP event (abscissa) and pressure of FDP event (ordinate). 
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Figure 8:  Mean final saturation water vapor concentration (ppmv) as a function of 
month of FDP event (abscissa) and pressure of FDP event (ordinate). 
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Figure 9:  Zonal frequency of FDP events (percent per degree latitude) as a function of 
month of FDP event (abscissa) and latitude of FDP event (ordinate). 
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Figure 10:  Mean final saturation water vapor concentration (ppmv) as a function of 
month of FDP event (abscissa) and latitude of FDP event (ordinate).
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Figure 11:  (a) Model-produced mean final parcel saturation water vapor concentration 
(1993-2010) as a function of month of final dehydration (black); the same, but holding 
the shape of the vertical profile of parcel dehydration constant (blue); the same, but 
holding the shape of the vertical profile of final saturation water vapor concentration 
constant (red).  (b) Monthly anomalies of these with respect to the model-produced mean 
final parcel saturation water vapor concentration. 
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